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2Abstract
The last eruptive event at Mt. Vesuvius occurred in 1944 AD, ending a cycle of continuous
eruptive activity started with the sub-plinian event of 1631 AD. The aim of this research is i) to
model the thermal evolution of the volcanic system from 1631 AD up to the present and ii) to
investigate the possible process leading the volcano to the current state of quiescence. A finite-
element software is employed to solve the time-dependent energy equation and obtain the thermal
field in the volcanic edifice and the surrounding medium. Volcanological, petrological and
geophysical constraints are used to define the crustal structure beneath the volcanic edifice, the
magma supply system active since 1631 AD, and the physico-chemical conditions of magma.
Thermodynamic properties of magma and wall rocks have been evaluated from well-established
thermo-chemical compilations and data from the literature. It is shown that heat transfer due to
magma degassing is required in addition to the heat conduction in order to obtain transient depth-
temperature fields consistent with geochemical observations, high crustal magnetization, and rigid
behavior of the shallow crust as indicated by geophysical data. Surface data of carbon dioxide soil
flux coming out from the Mt. Vesuvius crater are taken to constrain such an additional heat flux. The
agreement between modeled and measured temperatures at the crater since 1944 AD proves the
consistency of the model. It is concluded that the present state of quiescence of Mt. Vesuvius is
mostly a consequence of the absence of magma supply from the deep reservoir into the shallower
system. This allows the cooling of residual magma left within the volcanic conduit and the transition
from continuous eruptive activity to the condition of conduit obstruction. In this scenario, the
hydrothermal system may have developed subsequent to the cooling of the magma within the
conduit. Our findings are a direct consequence of the high concentration of CO2 in the most mafic
Vesuvian magmas: the low solubility of CO2, with respect to H2O, enables a high mass flux of
carbon dioxide through the volcanic edifice. The results of this study are relevant for hazard
assessment at Vesuvius and indicate directions for further investigation, such as the role of the
hydrothermal system on the thermal energy budget of the volcanic system and its relationships with
fluids released by crustal structures likely to host the magmatic reservoir. In general, the role of the
high concentration of carbon dioxide in magmas should be more questioned and investigated when
studying the behavior of volcanic systems, particularly in South Italy volcanoes.
3Introduction
Mt. Vesuvius (Figure 1) is an active volcano, one of the most dangerous in the world. More than
half a million people live in a nearly continuous belt of towns and villages built in the area
immediately threatened by possible future eruptions. An important goal of the scientific community
is the definition of the present state of the volcano, fundamental for recognizing and interpreting
eventual variations of the monitored geophysical and geochemical parameters and for evaluating
future pre-eruptive scenarios.
In the last years, seismic and petrological studies contributed to define the crustal structure
beneath the volcano (e.g. Auger et al., 2001; Belkin and De Vivo, 1993; Cecchetti et al., 2001; Cioni
et al., 1998; Cioni, 2000; Civetta and Santacroce, 1992; De Gori et al., 2001; De Natale et al., 1998;
2001; 2004; Di Stefano and Chiarabba, 2002; Lima et al., 2003; Marianelli et al., 1999; Piochi et al.,
2005; Santacroce, 1987; Zollo et al., 1996). Petrological and geophysical results mainly agree about
the existence of magma storage located at around 10 km depth b.s.l.. The lateral and downward
extension of such a magmatic reservoir is unknown, but its roots are likely to reach the mantle/crust
discontinuity (De Natale et al., 1998). The presence of magma stored at shallower crustal levels,
although not pointed out by geophysical investigations, has been suggested on the basis of both
sedimentological (e.g. Barberi and Leoni, 1980) and fluid inclusions data (Belkin and De Vivo,
1993; Cioni, 2000).
At present, Mt. Vesuvius is quiescent after 300 years of almost continuous (maximum repose
time between eruptions is 7 years) volcanic activity, which ended with the 1944 AD eruption (Fig.
1c) (Arnò et al., 1987). Its present activity consists of earthquakes, with hypocenters located beneath
the central crater down to 6 km depth b.s.l. (Vilardo et al., 1999), and of fumarolic emissions
distributed along the rim, the inner slopes, and at the bottom of the crater (Chiodini et al., 2001).
These phenomena can be attributed to the cooling and degassing of magmas left in the system after
the recent cycle of volcanic activity (Zollo et al., 1996). De Natale et al. (2004) model the
conductive cooling of a magma batch located within the first 5 km of depth b.s.l., just beneath the
crater. By means of petrological experiments, they demonstrate that the diffusion of carbon dioxide
from either deep-seated magma or surrounding carbonate rocks allows magma solidification, via
quenching or crystallization, more rapidly than cooling by heat conduction. Civetta et al. (2004)
adopt a simple analytical solution of the heat equation, focusing on the deep reservoir, and conclude
that periodic refilling can maintain the high temperatures required for the occurrence of open-system
evolutionary processes recovered in the erupted magma compositions. Both studies do not account
explicitly and quantitatively for the heat released by the remnant magma body upon degassing and
crystallization within the shallow crust.
4This study aims at quantitatively modeling the thermal evolution of Mt. Vesuvius from 1944 AD
up to the present, taking into account volcanological, petrological, geochemical and geophysical data
in order to have independent constraints on 1) the processes affecting the magmatic system after the
1631 AD eruption, and 2) the present structure of volcanic system down to 10 km depth b.s.l.. In
particular, the role of CO2 degassing is highlighted. The results, obtained using a thermal time-
dependent numerical model, show that the present thermal state of Mt. Vesuvius may be well
reproduced as long as the heat transfer due to degassing is considered. The model solutions provide
constraints on the physical mechanism and timing of the transition from open-conduit to obstructed
conduit conditions.
Geological background
Regional setting
The Mt. Somma-Vesuvius strato-volcano is located in the Campanian Plain, together with the
volcanic fields of Campi Flegrei, Ischia Island and Procida Island (Fig. 1a). These volcanoes are part
of the Campanian Comagmatic Province that belongs to the potassium-rich Italian belt developed
between the Apennine mountain chain, to east, and the Tyrrhenian Sea, to west (Beccaluva et al.,
1991). After a compressive tectonic phase from Cretaceous to Pliocene, this area has been affected
by intense extensional tectonics (e.g. Doglioni, 1991; Scandone, 1979). At present, the Campanian
Comagmatic Province probably lies on an almost continuous slab dipping westward from 65 km
(Adriatic sector) down to 285 km (beneath the Campanian Plain) of depth (De Natale et al., 1998).
The crust-mantle boundary beneath Mt. Somma-Vesuvius has been identified at 25-30 km of depth,
whereas it shallows westward to less than 25 km beneath Ischia (Corrado and Rapolla, 1981;
Ferrucci et al., 1989) and less than 10 km in the central Tyrrhenian Sea (Duschenes et al., 1986;
Gueguen et al. 1997).
The nature of the lower crust is not well known, although geological correlations with the
Southern Apennine structures (Scandone, 1982; Schutte, 1978) and petrological studies on xenoliths
(Pappalardo et al., 2002) suggest that it should be a Hercynian basement. The upper crust consists of
a sedimentary succession of Triassic to Cretaceous limestones and dolomites overlaid by Miocene
arenaceous and/or flysch sediments (D'Argenio et al., 1973; Ippolito et al., 1975). This succession
crops out in the Appennine chain, but it is displaced at variable depths in the Campanian Plain
(D'Argenio et al., 1973; 1987; Ippolito et al., 1975). In particular the sedimentary sequence has been
found by drilling at about 1.4 km (Trecase well 1 site) beneath the Mt. Somma-Vesuvius (Brocchini
et al., 2001) and identified by seismic profiles at depth of more than 3-4 km b.s.l. in the Gulf of
5Napoli (Bruno et al., 1998; Finetti and Morelli, 1974; Judenherc and Zollo, 2004). Figure 2a reports
a sketch of the reconstructed structure beneath the volcanic apparatus.
Volcanological and petrological features
Mt. Somma-Vesuvius complex was volcanically active at least since 300 ka BP (Brocchini et al.,
2001). Mt. Vesuvius is the recent cone developed within the oldest Somma caldera (Fig. 1b). The
volcano experienced highly explosive, sub-plinian and plinian eruptions alternating with periods of
nearly continuous volcanic activity producing low-energy explosive and effusive eruptions (Fig. 1c)
(e.g. Arnò et al., 1987; Arrighi et al., 2001; Rolandi et al., 1998; Santacroce, 1987). The total volume
of erupted magmas has been estimated to be about 300 km3 (Civetta and Santacroce, 1992).
Volcanic rocks produced at Mt. Somma-Vesuvius exhibit variable degrees of silica undersaturation
and potassium enrichment and a large range of mineralogical, chemical and isotopic compositions
(e.g. Ayuso et al., 1998; Civetta and Santacroce, 1992; Piochi et al., 2005). Some debate exists about
the genesis of Vesuvian magmas, but the most recent hypotheses suggest a source enriched by slab
derived fluids or melts (Ayuso et al., 1998; Beccaluva et al., 1991; Cortini and Hermes, 1981;
Peccerillo and Manetti, 1985; Peccerillo, 2001; Piochi et al., 2004; 2005; Santacroce, 1987 and
references therein). Major and trace elements as well as isotopic trends indicate the existence of
different magmatic reservoirs in which magma evolved (e.g. Ayuso et al., 1998; Civetta et al., 1991;
Civetta and Santacroce, 1992; Cortini and Hermes, 1981; Cioni et al., 1995; Del Moro et al., 2001;
Lima et al., 2003; Marianelli et al., 1995; Marianelli et al., 1999; Piochi et al., 2005). Pressure and
temperature conditions and volatile concentrations of these reservoirs are inferred from melt and
fluid inclusions trapped in phenocrysts through analysis of dissolved H2O and CO2 contents by
means of Fourier Transform Infrared Spectroscopy (FTIR). In particular, FTIR analyses of
inclusions in olivine and pyroxene phenocrysts (e.g. Belkin et al., 1985; 1998; Belkin and De Vivo,
1993; Cioni, 2000; Cioni et al., 1995; Lima et al., 2003; Marianelli et al., 1999) indicate at least two
main different crystallization levels, respectively at depths of 3.5-5 km and deeper than 10 km b.s.l..
Depending on the degree of differentiation, magmas in the chambers have temperatures between
1100 and 1500°K and volatile contents between 2.5 and 6 wt %. The shallower chamber feeding
plinian eruptions has been located within the carbonatic platform (Barberi et al., 1981; Del Moro et
al., 2001; Fulignati et al., 1998), although no geophysical evidence confirms its existence at present
(see next paragraph).
The relationship between Sr-isotopic ratios and the equilibrium crystallization depths of
phenocysts indicates that the deeper reservoir (≥10 km ) produces magmas with 87Sr/86Sr values
lower than 0.7073, in contrast to the shallower one, in which most radiogenic magmas were
6generated, likely due to crustal contamination during magma evolution (Piochi et al., 2005). Based
on Sr-isotope, fluid inclusion and mineral chemistry data, the last 1944 AD eruption was fed directly
by this deep reservoir, with magmas having a temperature of about 1500°K and dissolved volatile
contents around 3 wt % (e.g. Belkin et al., 1985; Belkin and De Vivo, 1993; Lima et al., 2003;
Marianelli et al., 1995; 1999; Piochi et al., 2005).
Geophysical features
Seismic tomography provides information about the shallow structure of the volcano (e.g. Zollo
et al., 1996; Capuano et al., 2003 and references therein). On the basis of a seismic velocity anomaly
(high P-wave velocity, Vp,. and high VP/VS conversion, Vs being the S-wave velocity) centered along
the volcanic vertical axis (e.g. De Natale et al., 2003; 2004; Scarpa et al., 2002; Zollo et al., 1996), it
has been hypothesized the presence of a high-rigidity body, centered beneath the crater, extending
down to about 5 km of depth b.s.l. and with a lateral extension of less than 1 km. The high-rigidity
zone is endowed with high magnetization above 2 km of depth b.s.l.  (Fedi et al., 1998), which has
been imputed to the existence of solidified magma (e.g. De Natale et al., 2003 and reference therein),
in agreement with the distribution of earthquake hypocenters concentrated along the crater axis
down to 6 km of depth b.s.l., without significant gaps, although a lot of events clustered between 2
and 4 km b.s.l. (Vilardo et al., 1999). Magnitude–frequency analysis shows that the physical
conditions responsible of seismicity do not change within the seismogenetic volume. The seismicity
is governed by a non-uniform stress acting within a pre-fractured medium. Furthermore it is
triggered by pore pressure variations related to the downward migration of hydrothermal fluids
(Vilardo et al., 1999; Saccorotti et al., 2002). De Natale et al. (2000) show that the background
seismicity is due to the superposition of volcano loading upon regional and local stress changes,
strongly focused around the central rigidity contrast (De Natale et al., 2004).
Seismic information about the deeper structure comes from reflected waves of active sources and
from P-S converted waves of teleseisms. Such data point out that a rather large discontinuity, likely
representing the top of a sill, is located at about 10-15 km depth b.s.l.. Similar conclusions have been
reached through interpretation of seismic tomography data by Auger et al. (2001), who identifies a
wide horizontal mid-crustal magma sill, hosted in a densely fractured volume of rock, about 8 km
deep, in agreement with magnetotelluric data showing the existence of low-resistivity levels at
depths exceeding 8 km b.s.l. (Di Maio et al., 1998). The roots of the magma sill extend down to 30
km b.s.l. b.s.l., according to De Natale et al. (2001). Therefore such a layer is expected to represent
the top of the feeding magmatic system. On the other hand, no clear reflection-conversion layer of
significant extension is imaged at shallower depths.
7Geochemical features
The present quiescent activity of Mt. Vesuvius is characterized by widespread fumarolic activity
in the inner slopes and at the crater bottom. Since 1944 to 1960 AD temperatures between 900 and
1100°K were measured in the crater area, whereas temperatures decreased in the period afterward
(Chiodini et al., 2001). In line with the mineralogical changes of fumarolic sublimates collected
since 1944 AD, this suggests that magmatic gases were discharged during the initial “hot” period
(Chiodini et al., 2001). Although data on magmatic gases discharged at that time are lacking, their
composition can be inferred from melt inclusions (MI) of the last eruption. From MI data in
Marianelli et al. (1999), a concentration ratio XCO2/XH2O of about 2.7 in the gas phase can be
estimated. Petrological data (e.g. Lima et al., 2003) indicate that dissolved S-, Cl- and F-bearing
species are subordinated to H2O and CO2. This applies also to exsolved gaseous species, so that the
heat transfer in the volcanic edifice due to degassing can be properly related to the flux of water and
carbon dioxide.
The analyses of Webster et al. (2003) show high Cl content of 1944 AD magma and support the
geochemical model of Chiodini et al. (2001) about the hydrothermal system beneath the volcano. In
this model, Cl-rich brines, fed by magmatic gases, developed at P-T conditions very close to their
critical point and in a high-temperature reservoir (between 640 and 720°K). The chemical
composition of gases (SO2, HCl, HF, particularly) presently discharged by the fumaroles at the crater
bottom is therefore buffered by such a saline hydrothermal system (Chiodini et al., 2001). Although
thermo-metamorphic re-equilibration is attained between the Cl-rich hot brine and the surrounding
carbonates (Chiodini et al., 2001), Federico et al. (2002) show that the isotopic ratio of helium and
carbon dissolved in Vesuvian groundwaters have the magmatic signature (Graham et al., 1993).
Similarly, He isotope ratios from gas fumaroles at the crater are in the range of values detected in
olivine phenocrysts (Graham et al., 1993).
Diffuse degassing survey of soil CO2 flux performed at Mt. Vesuvius reveals that about 150 tons
per day of deeply derived CO2 are released by the volcanic apparatus just around the crater axis
(Frondini et al., 2004). Chiodini et al. (2001) suggest that no input of fresh magma at shallow depths
took place after 1944 AD, so that such a CO2 mass rate may be taken as a constant after the last
eruption.
The model
8We work out an axisymmetric, two-dimensional model accounting for conduction and phase
changes in a homogenous, isotropic medium endowed with physical constants calculated from the
available geochemical data (see Appendix A), using the finite-element software MARC (2004).
We assume the simplest possible geometrical configuration consistent with mechanical isotropy.
Based on volcanological and geophysical information, the integration domain is taken as the
volcanic edifice, assumed as an axisymmetric cone of radius of 4 km and 1300 m high above the sea
level, and the surrounding rocks to a lateral extension of 10 km and to a depth of 10 km b.s.l., as it is
sketched in Figure 2a. In a cylindrical coordinate system with the vertical z axis aligned with the
crater axis and the origin located at the sea level, we solve the following energy equation:
€ 
ρcp (T)
∂T
∂t =∇(k(T))∇T + ρLcryst
∂φ
∂t (1)
where T is the temperature, φ the melt fraction, t is the time, ρ  is the material density, cp the
temperature-dependent specific heat, k the temperature-dependent thermal conductivity and Lcryst
the latent heat of crystallization. The software for the finite-element thermal analysis (MARC,
2004) assumes that the latent heat is uniformly released in a temperature range between the solidus,
Ts, and liquidus, Tl, temperatures, and uses a modified specific heat to model the latent heat effect,
without evaluating the melt fraction φ. The latent heat is entered in the coefficient in front of the
time derivative of the temperature in eqn.(1), multiplying it with a normalized Gauss-pulse of width
ΔT=Tl - Ts.
From petrological and geophysical data, we assume the existence of a volcanic conduit through
which magma batches rise towards the surface, fed by a magma chamber located at 10 km b.s.l..
Since direct information on the real shape of the conduit is lacking, we adopt the usual
approximation of a vertical cylinder rising from the reservoir located at 10 km of depth b.s.l. and
with a radius of 50 m. The resulting conduit volume (0.1 km3) is consistent with the upper limit of
the magma volume erupted during interplinian events of the last 300 years (0.01 to 0.1 km3,
according to Arnò et al., 1987; Arrighi et al., 2001; Civetta and Santacroce, 1992.).
According to geophysical and geological information, the integration domain is assumed to be
constituted by: i) a melt phase filling the whole conduit; ii) a volcanic rock sequence, constituting
the volcanic edifice and the shallower crustal medium up to a depth of 2.5 km b.s.l., iii) a carbonate
basement from 2.5 to 10 km b.s.l. and iv) a magma reservoir at 10 km depth b.s.l.. The volcanic rock
of point ii) further represents the solidified magma body within the conduit.
9Since the integration domain is not homogeneous, the material parameters ρ, cp,, k, Lcryst, Ts and
Tl, depend on the spatial coordinates and must be estimated after the chemical composition, as
discussed and analyzed in Appendix A.
The grid for the finite-element calculations is obtained by meshing the integration domain with
two-dimensional, iso-parametric, arbitrary 4-node quadrilateral and 3-node triangular elements (Fig.
2b) written for axisymmetric heat transfer applications, which use biquadratic interpolation functions
to represent the coordinates and displacements. Hence the thermal gradients have a linear variation,
which allows for an accurate representation of the temperature field. The element conductivity is
formed using nine-point Gaussian integration.
Initial and boundary conditions
In order to perform a thermal analysis of the quiescent period, during which the volcanic edifice
cools, we cannot disregard the previous period of almost continuous eruptive activity, 1631-1944
AD, during which the volcano is heated by the presence of hot magma. We need then to obtain the
temperature field produced after about 300 years of heating, in order to provide a suitable initial
state for the subsequent cooling phase.
1631-1944 AD period
Due to the lack of information about the thermal state of Mt. Vesuvius in 1631 AD, an initial
thermally stratified state is arbitrarily assumed such that the rock/air interface temperature is 300°K
and the rock/magma reservoir boundary temperature is 1500°K.
From 1631 to 1944 AD an almost continuous volcanic activity associated to noticeable plume
emissions has been observed at Mt. Vesuvius (Santacroce, 1987; Fig.1c). However, since the
maximum repose time during this period was only 7 years, we can assume that the magma was
continuously supplied and that the conduit cooling is nil, so that the surrounding host rock is
continuously heated essentially by conduction from the conduit.
The thermal evolution is then modeled imposing the following boundary conditions to eqn.(1):
  
T rock / air interface = 300 oK (2a)
  T z=10km = 1500
oK (2b)
and constraining the temperature inside the conduit to be kept constant during the whole period,
in order to mimic the existence of a hot magma body within the conduit:
  T r≤ 50m =1500
oK (3)
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1944-2005 AD period
At the end of the last eruptive cycle at Mt. Vesuvius, closed by the 1944 AD eruption, there are
two extreme possibilities: the magma level in the conduit may either stop near the surface, leaving
the conduit essentially full, or stop near the magma chamber, leaving the conduit essentially empty.
If the conduit is empty, it has been demonstrated that the it closes in few years due to the overburden
pressure (Quareni and Mulargia, 1993). In this work, we study the case of a conduit which is full of
magma, which is the most plausible from a volcanological point of view. We assume that after the
1944 AD eruption the conduit remains filled, and that the supply of hot magma stops. The melt in
the conduits then cools continuously until it solidifies.
As initial state for the modeling of the cooling in the quiescent period we take the last solution
from the previous integration. This situation is the state existing after 300 years of continuous
magmatic activity and heating, i.e. the situation in 1944 AD. Cooling can occur by heat conduction
and/or by degassing. If heat conduction from the melt to the host rock is the only dominant process,
the magma in the conduit would maintain a very high temperature, not compatible with the
observations at Mt.Vesuvius: i) rigid mechanical behavior essential to generate the observed
seismicity (Vilardo et al., 1999), ii) the high magnetization of the shallow crust (Fedi et al., 1998),
and iii) the existence of a hydrothermal system (Chiodini et al., 2001). Therefore, because we know
that Mt. Vesuvius conduit is likely to be plugged since at least 35 years, the contribution of
degassing to the cooling process cannot be disregarded.
We do not model explicitly the advective mass transfer of a gaseous phase from depth to surface,
but for sake of simplicity we consider an additional heat release associated to the gas flux. This
implies that degassing affects the whole magmatic system (the conduit and the semi-infinite long-
lived magmatic body at 10 km depth b.s.l.), which is permanently saturated under steady-state
conditions. This conceptual scheme is supported by melt inclusion data from Marianelli et al. (1999),
which suggest achievement of volatile saturation from the deepest reservoir levels (about 20 km
depth b.s.l.), and thus open-system degassing of the magma there stored. Furthermore, it agrees with
some of the points raised by De Natale et al. (2004), suggesting CO2 separation and extraction from
the bottom of the H2O-CO2 saturated magmatic reservoir up to surface through the whole conduit.
The computation of the degassing contribution to the heat flux throughout the plumbing system
requires a representative mass rate for both (magmatic) water and carbon dioxide fluxes. Assuming
that CO2 has a magmatic origin and an essentially conservative behavior (i.e. neither depletion nor
enrichment in CO2 from the deep magma reservoir up to surface), we can adopt the soil mass flux
value (150 t/d) measured by Frondini et al. (2004). Assuming a XCO2 /XH2O ratio of about 2.7
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(Marianelli et al., 1999) as inferred by MI studies, we recalculated the amount of (magmatic) H2O
degassed in conjunction with CO2. Gas emission rates employed in this work are therefore 1736 g/s
for CO2 and 301 g/s for H2O. From thermochemical data (Barin et al., 1977) and under the
hypothesis of validity of the law of ideal gases (which is a reasonable approximation for magma
static conditions from 10 km b.s.l. up to the surface), we obtain the following expression for the heat
transport rate, ˙ H gas(in J/s), as a function of temperature, T (in °K), and pressure, P (in bar):
€ 
˙ H gas = 0.36 T 2 + 2.0 ×103 T − 3.4 ×102T lnP − 2.0 ×107 (4)
Equation (4) neglects the heat term due to water condensation below the critical point (647°K). This
implies that water is treated as a superheated steam, i.e. the (unavoidable) 1-bar condensation at
373°K is not considered. In fact, since condensation occurs only very near the surface, it is sound to
assume that it cannot significantly influence the conduit thermal evolution. In addition, we disregard
the existence of the hydrothermal system and the thermal effect due to groundwater.
Furthermore, since variations with temperature and pressure are less than 10%, for sake of
simplicity we adopt a constant value ˙ H gas=2x107
 
J/s, which corresponds to a heat flux q = 2.5x103
J/m2s over the cross-section area of the conduit.
The heat flux is homogeneously distributed along conduit grid elements, so that energetic
contributions of volatile dissolution, nucleation and exsolution from the magma, are embodied in
eqn.(4) and need not to be explicitly computed. Since the lack of data about the amount of degassing
in the past years, we must rely on the simplest hypothesis, i.e. that it has been constant since the last
eruptive episode, in 1944 AD, and then keep q constant during the whole modeled period. This
assumption is supported by geophysical and geochemical evidences, showing that no input of fresh
magma occurred since the end of the eruptive cycle.
The cooling phase of Mt. Vesuvius (1944-2005 AD) is then modeled with eqn.(2a-b) as
boundary conditions, and imposing as a constrain that the heat flux inside the conduit is equal to q
k∂T
∂z r≤50m
= q (5)
Lateral dissipation of the heat released by degassing through the wall-rock is neglected, since it
may be reasonably argued that the skarn shell and the solidification front effectively isolate the
magma from the carbonate wall rocks, preventing any significant mass exchange (Del Moro et al.,
2001). A similar conclusion is also suggested by i) the lowermost Sr isotope data of 1944 AD rocks,
suggesting the absence of chemical exchange between magma and wall-rocks (Piochi et al., 2005),
and ii) by the findings of Fulignati et al. (1998) about sidewall accumulation of crystals.
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Results
The thermal evolution of Mt. Vesuvius from 1631 AD to present is modeled using a finite-
element model. Heat conduction is accounted for, and the change of physical properties of the
medium due to liquid to solid phase transition is also included.
The first step of the modeling is the definition of the thermal state in 1944 AD, since we are
mainly interested in the thermal evolution of the volcanic system after the end of the last eruptive
cycle, from 1944 AD to present, (i.e. the period when measurements and observations are available):
With this aim, we calculate the thermal evolution during the eruptive cycle, from 1631 to 1944
AD. Figure 3 represents the thermally stratified state obtained solving the steady-state differential
equation for heat conduction. This thermal field is taken as the initial thermal state for the
subsequent modeling from 1631 to 1944 AD, since this period was likely to follow a long lasting
quiescence (about 500 years according to Rolandi et al., 1993; 1998 and Rosi et al., 1993), and due
to the lack of any further information, i.e. the solutiom shown in Fig.3 is assumed as that existing in
1631 AD, immediately before the December 16th eruption, when the onset of the last eruptive cycle
started.
After this date, the volcanic conduit is supposed to be constantly filled of hot magma
(T=1500°K) due to the quasi-continuous magma supply, and the warming of the volcanic system
produced by heat conduction from the conduit is calculated with a transient analysis. Th final
solution, i.e. The thermal state at the end of this eruptive cycle, in 1944 AD, is plotted in Figure 4
and provides, in turn, the initial state for post-1944 AD cooling of the volcanic system. Because of
the absence of magma supply, the cooling is due to heat conduction and magmatic degassing from
the bottom-side, semi-infinite reservoir to the surface through the conduit.
In order to ascertain the sensitivity of the system to the amount of degassing, three different
values for the heat flux through the conduit, q, are employed: q=2.5 x103 J/m2s, which is the value
estimated by the observations of the degassing rate, q=1.2 x103 J/m2s, which is about 50% of the
realistic value, and q=0.6 x103 J/m2s, which corresponds to about 25% of the realistic value.
For these values of q, figures 5-7 show the temperature field in the volcanic system in 1960 AD,
i.e. 16 years after the end of the eruptive cycle, in 1980 AD, i.e. 36 years after the end of the
eruptive cycle, and the present state. For q=0.6 x103 J/m2s (Fig. 5), at depths above 2.5 km b.s.l.,
the zone around the conduit keeps a temperature higher than 1000 °K until 16 years after the last
eruption, and 36 years after, there exists a zone whose temperature decrease to about 900 °K,
although still remains some spots as hot as 1000 °K; the present state predicted by this model has a
temperature of about 800 °K around the conduit. With an amount of degassing corresponding to
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q=1.2 x103 J/m2s (Fig. 6),  at depths above 2.5 km b.s.l., the temperature around the conduitis is
higher than 1000 °K in 1960, cools to about 900 °K in 1980 with a small region hotter, while the
present state shows temperatures slightly below 800°K. In both cases, the temperatures obtained
from the model, at depths above 2.5 km b.s.l., are too high to allow the seismicity observed at Mt.
Vesuvius, characterized by events clustered between 2 and 4 km of depth b.s.l. (Bianco et al.,
1999a; Del Pezzo et al., 2003; Vilardo et al., 1999), as well as the high rigidity, high magnetization
zone centered beneath the crater (Fedi et al., 1998); in addition, such high temperatures are not
compatible with the existence of the hydrothermal system (Chiodini et al., 2001).
However, for q=2.5 x103 J/m2s (Fig. 7), which is the value compatible with the amount of
degassing observed at Mt. Vesuvius, the temperatures obtained from the model at depths above 2.5
km b.s.l., in the zone surrounding the conduit are of about 800 °K, with a small region still as hot as
1000 °K, in 1960, decrease to about 750 °K in 1980, and are well below 700 °K at the present time,
with the conduit material completely solidified.
It is then found that the heat flux related to the magma degassing plays an important role, since
higher heat fluxes allow significantly faster cooling of the magma left within the volcanic conduit,
while lower values of q greatly slacken the magma cooling. The solutions obtained from the model
employing the heat flux value presently measured on the volcano (namely q =2.5 × 103 J/m2s in Fig.
7) exhibit a good agreement with the observed geophysical evolution and with the present state of
Mt. Vesuvius.
Beside the observations regarding seismicity, magnetization, and the existence of a hydrothermal
system, there exist temperature data measured in the crater area after 1944 AD, as described in
Chiodini et al. (2001) and references therein. These temperature measurements are plotted in Fig. 8
together with the numerical solutions as functions of time for the three values of the heat flux, q
=0.6, 1.2, 2.5 × 103J/m2s, and with the temperature curve which would be detected at the crater if the
whole system cools only by heat conduction, i.e. with q =0. We must remark that earlier field
measurements can be affected by a large uncertainty. In fact, the temperature measurements were
taken usually within the fumarolic area on the eastern rim (e.g. Fig. 1 in Chiodini et al., 2001), rather
than at the main fumarolic vent (i.e. the most representative point, not contaminated by air). In
addition, the measurements were made by different operators, and different thermometric techniques
were used (Chiodini et al., 2001 and references therein). In particular, we know that the temperature
plateau at about 800-900°K between 1944 and 1959 AD corresponds to the melting temperature of
aluminum (Parascandola, 1959; 1960), and therefore represents a crude minimum estimate of the
true temperature. The data measured in 1944 AD is shown for the sake of completeness, although the
sampling location was on the southern flank of the volcano (Imbò, 1947), quite far from the crater,
14
and therefore it is likely to underestimate the actual value (Massimo Russo, personal
communication). With this proviso, the temperature history obtained by our model for q=2.5 x103
J/m2s is in a very good agreement with the data since 1954 AD, particularly in correspondence of the
abrupt drop of temperature. Since 1988 AD, temperatures lower than 373°K are measured at the
crater bottom fumaroles (see figure 1 in Chiodini et al., 2001), and these data are well matched by
our calculated values. This suggests that fully accounting for the degassing process is necessary to
explain the observed cooling at Mt. Vesuvius after 1944 AD, while lower values of q would not
produce a thermal field compatible with data and observations. In addition, the model demonstrates
that there is no need to take into consideration other cooling processes, such as the formation of the
hydrothermal system and aquifers, to reproduce the observed thermal evolution after 1944 AD.
Furthermore the model supports the hypothesis of existence of hot magma left, at depths of the
order of few kilometers, within the conduit after the last eruption. For all the values of q, the results
displayed in Figs. 5-7 show that the temperature of magma in the conduit increases with depth in a
non-linear manner, with a sharp temperature gradient at about 2.5 km b.s.l.. We also see that this tip-
like cylindrical structure does not change appreciably in size and thermal conditions through time.
For the heat flux value which provides the best agreement with the observations, q=2.5 x103 J/m2s,
the temperature gradient given by the model solutions at 2.5 km b.s.l. is 12 °K/m.
Discussion
The present state and dynamics of Mt. Vesuvius
The modeled present-day temperatures, in the depth range between 0.5–3.3 km below the crater
(Fig. 7c), are compatible with the thermal conditions required for the existence of a hydrothermal
system, as computed by Chiodini et al. (2001) on the basis of the chemistry of fumaroles. These
temperature values are also consistent with both the presence of high magnetization (Fedi et al.,
1998) and the occurrence of earthquakes (e.g. Bianco et al., 1999a; Del Pezzo et al., 2003; Vilardo et
al., 1999) observed in this depth range.
Higher temperatures (T>1100°K) are calculated from the model at depths higher than 3 km b.s.l.,
i.e. at the bottom of the depth range compatible with the presence of a saline hydrothermal system
and at the top of the molten cylindrical tip clearly shown in Fig. 7c. Moreover, in agreement with the
data from Fedi et al. (1998), temperatures hotter than 900°K imply absence of magnetization from a
depth of about 3 km b.s.l., not only along the crater axis, but also laterally over the entire
investigated volume. The limited lateral extension (about 200 m) of the magmatic tip is expected to
generate no low seismic velocity anomalies, typical of molten bodies (De Natale et al., 2004).
However, it is worth noting that these high temperatures apparently contrast with the occurrence of
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earthquakes in this depth range (Vilardo et al., 1999). Two possible explanations can be devised.
One could argue that liquidus and solidus temperatures rise as a consequence of water degassing (De
Natale et al., 2004) due to the continuous diffusion of carbon dioxide in the melt column, thus
allowing the magma to crystallize and behave as a brittle, seismogenetic structure. Upon magma
dehydration, only a small decrease of temperature (20–30°K below the liquidus) is required to
produce an important crystallization wave.
Alternatively, the seismicity can be generated around the volcanic conduit where a rigid carapace
would form as a consequence of the mineral phase precipitation from hot brines, as supported by
geochemical data (Signorelli and Carroll, 2002; Webster et al., 2003). This hypothesis indicates the
ascent and influx of magma-derived gases throughout the whole Mt. Vesuvius system (Federico et
al., 2001), and implies a widespread neutralization of acid species and testifying mineral
precipitation. This process, which would be particularly relevant near the conduit because of the
sharp temperature drop that induces super-saturation conditions of brines (see at 250-300 meters
from the crater axis in Fig. 5), is consistent with the high-velocity volume 700 meters large, centered
on the crater axis (e.g. De Natale et al., 2001; Scarpa et al., 2002; Zollo et al., 1996). In particular,
the proposed mechanism is compatible with the rock failure due to fluid migration as also
hypothesized by Saccorotti et al. (2002).
Finally, the volume reduction due to the contraction of a magma body as a consequence of
degassing and cooling could be responsible of the low-level seismicity governed by a not-uniform
stress field (Vilardo et al., 1999), the anisotropic cracks distribution (Bianco et al., 1999b) and the
ground lowering of the crater area (Lanari et al., 2002) observed at Mt. Vesuvius. Therefore, this
fact, in conjunction with the previous observations on the role played by rupture processes due to
downward migration of hydrothermal fluids and by mineral sealing due to precipitations from super-
saturated brines, has important mechanical implications which probably characterize the seismic
behavior of many central volcanoes.
The role of CO2 on the open-system degassing and cooling processes
The model involves a continuous steady-state gas flow with a fixed H2O/CO2 ratio from the deep
magma storage throughout the conduit. If such a flow does exist, the stationary composition-
invariant melt phase is permanently water-saturated at a water pressure constant with depth and
temperature. Under these conditions, and because the exclusion of crystallization, the dissolved
amounts of the two volatiles can be predicted for any pressure and temperature conditions (see Figs.
12 and 13 in Papale, 1999). However, since the content of gaseous water and carbon dioxide is taken
as a constant for a given amount of melt, the total amount (dissolved + exsolved) of volatiles in the
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magma must vary with depth. This implies an open-system degassing behavior, and the increase of
the CO2,total / H2O,total ratio with decreasing pressure (see also Fig. 6 in Papale, 2002).
The increase of the CO2,total / H2O,total ratio is due to the addition of either magmatic or external
CO2 to the magmatic system, in agreement with De Natale et al. (2004). These Authors suggest that
the CO2 refilling of magma is located at shallow levels from deep reservoirs, or comes from a
continuous and progressive decarbonation of the surrounding wall rocks. Nevertheless, merged
mineralogical (Sr-O-isotope) and fluid inclusion data (Del Moro et al., 2001; Piochi et al., 2005)
indicate that the main volume of the 1944 AD magma directly raised from deeper reservoir with no
significant mass exchange with the carbonatic host rocks. For this reason, we suggest that the deep-
derived CO2 has a major role on the magma supply system during the post-eruptive conditions, while
De Natale et al. (2004) favor a rapid crystallization of 1944 AD magma in the conduit, due to
dehydration caused by limestone-derived CO2 influx. Furthermore, De Natale et al. (2004) conclude
that the ensuing cooling of the magmatic body occurs essentially through conduction in post-
eruptive conditions, while we demonstrate that heat conduction alone would allow temperatures too
high to be compatible with the existence of the hydrothermal system.
Finally, our model results highlight the fundamental role of CO2. In fact, we show that the high
CO2 abundance at Mt. Vesuvius (proved by data of Marianelli et al., 1999), coupled to its low
solubility (Blank and Brooker, 1994; Holloway and Blank, 1994; Papale, 1997) in the pressure range
of interest (<4 kbar) can produce a high gaseous flux from the deep magma (≥10 km) toward the
surface capable to carry enough heat from the volcanic system to explained the observed temperature
field.
Concluding Remarks
In the present model reasonable inferences on the magmatic degassing at Vesuvius have been
done. These concern 1) the magmatic origin of CO2 measured at the crater; 2) open-system
degassing of the volatile-saturated deep magma (i.e. ≥10 km of depth); 3) the adoption of a gaseous
CO2/H2O molar ratio consistent with that of the deep magma feeding the 1944 AD eruption. The
energetic counterpart of such hypotheses has been introduced in a well-established finite element
model for heat conduction accounting for phase changes, by using an independent estimate of the
heat flux value consistent with the CO2 flux measurements at Mt. Vesuvius. It is shown that
degassing strongly contributes to the cooling of the magma body left within the conduit after the end
of the last eruptive cycle, until reaching a thermal state physically compatible with the observed
seismicity, magnetization degree, and variation of temperatures measured in the crater area since
1944 AD. The solutions of the model for the temperature as a function of time at selected depths are
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compatible with the independent conclusions from the geochemical data about the pressure and
temperature conditions of Mt. Vesuvius hydrothermal system (Chiodini et al., 2001). In particular,
the thermal field obtained from our model in the sixties shows a temperature drop which may in fact
explain the onset of a hydrothermal system. Therefore, the conduit cooling due to magma degassing
is the cause rather than the consequence of the emplacement of the hydrothermal system. Plausible
physical and chemical processes occurring within the 0-6 km. b.s.l. depth range and related to the
conduit cooling, such as magma solidification and contraction, and fracture sealing due to mineral
precipitation from super-saturated brines just around the conduit, allow us to better understand i) the
pattern of the recorded seismicity (e.g. Bianco et al. 1999b; Saccorotti et al., 2002), ii) the
significance of the high velocity zone beneath the crater area (e.g. De Natale et al., 2003; Zollo et al.,
1996 and references therein), and iii) the origin of the observed magnetic anomalies (Fedi et al.,
1998). The conjugated occurrence of these geochemical and geophysical features is only partly
solved by previous efforts aimed at explaining the role of conduit crystallization.
Therefore, the plethora of geophysical and geochemical data so far recorded may be put in
relation with major phase changes occurring within the magmatic system. In particular, the
possibility of a magma plug, which is returned by our model from 2-3 km of depth b.s.l., should be
better investigated as it has been suggested as a possible seat for the gradual build up of magma
chambers of essential vertical development (Barberi and Leoni, 1980).
As final remark, we wish to stress on the further developments of the present approach,
involving the introduction of accurate descriptions of the physico-chemical processes and related
energy exchanges, such as i) exsolution of a multicomponent fluid phase from the volatile-saturated
tephri-phonolitic magma, ii) brine condensation, iii) hydrothermal degassing. This will enable a
more accurate definition of the present state of the volcano and the interpretation of the geophysical
and geochemical parameters continously monitored for volcanic surveillance. On the other hand,
given the model geometry and then the high rock/melt volume ratio, more accurate petrologic
characterizations of the melt evolution and products are not expected to give important departures of
the thermal modeling whenever introduced. In fact the model sensitivity to values of the melt
physical parameters is quite scarce, whereas is very striking with respect to the degassing rate and
associated enthalpy, which is strongly dependent on the CO2/H2O ratio. The crucial role played by
abundant magmatic CO2 in determining the thermal state of quiescent volcanoes via volcanic
degassing should be much more questioned and investigated, particularly in the volcanic sectors of
South Italy. At Mt. Vesuvius, we suggest that the cooling of magma within the conduit, left
essentially full after the end of deep-derived magma supply, could generate the transition from the
pre-1944 AD open conduit to the present obstruction regime. Our modeling supports the hypothesis
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that volatile degassing (mainly CO2) is the first rank process responsible of the cooling, and
therefore of the conduit obstruction. This is possible because the feeding magmatic system shows a
high abundance of CO2, whose low solubility properties in the melt phase guarantees a persistent and
high flux from depth up to the crater surface.
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Appendix A: Chemical and physical material properties
The compositions of the materials are given in Table I. In particular, the composition of the
carbonatic basement is approximated by a lithology of calcite and dolomite (50 % in volume,
respectively), water saturated with 5% of rock porosity. The composition of the melt phase is that of
glass inclusions in minerals from the 1944 AD lavas, analyzed by Marianelli et al. (1999). The
volcanic rocks, without distinction among pyroclastite and lava types, have been considered to have
a homogeneous bulk composition. For this purpose, following Villemant et al. (1993), we considered
an assemblage of mineral phases lying along the NaAlSi3O8-CaAl2Si2O8 (Albite-Anorthite) and
CaMgSi2O6-CaFeSi2O6 (Diopside-Hedembergite) joins, which have been treated as ideal solid
mixtures. The latent heat of crystallization of the melt phase (Lrock) was approximated to the latent
heat of fusion of the volcanic rock, changed of sign. This choice represents an obvious average for
melt bulk properties and is merely operative, as a rigorous approach would imply modeling of the
petrologic sequence arising from the starting melt composition of Table I. This is obviously
unnecessary as long as we approximate the whole volcanic edifice composition to the simple
assemblage listed at the beginning of Table I. We then consider as bulk volcanic rock a crystallized
residue of leucite, clinopyroxene and plagioclase, which are recognized as the main rock-constituting
mineral phases (see for example the petrographic description of products in Marianelli et al., 1999
and Trigila and De Benedetti, 1993). By approximating the volcanic rock to a mineral admixture, we
then considered
Lrock = XAlbiteLAlbite + XAnorthiteLAnorthite + XDiopsideLDiopside +
                   XHedembergiteLHedembergite + XLeuciteLLeucite (5)
where Xi represents the fraction of the ith component. Moreover the heat of fusion for LHedembergite
was set equal to LDiopside. Molar heat fusion data for anorthite were taken from Henry et al. (1982),
albite and diopside from Stebbins et al. (1983), whereas LLeucite was derived in this study and
computed as LSanidine – LSiO2*, with LSanidine taken from Stebbins et al. (1983) and LSiO2* calculated as
_ (LAlbite – LNepheline), with LNepheline from Navrotsky (1995). The approach deserved to the SiO2* term
should then embody the “structural” contribution arising from the feldspar-feldspathoid transition in
the fusion enthalpy calculation of K-bearing phases, which are assumed to have the same behavior as
albite and nepheline.
Based on the chemical composition, the physical properties of materials are then calculated and
given in Table II and Figure 9. We found that the melt phase (considered anhydrous) and the
volcanic rock are endowed with essentially the same thermal properties, so that the integration
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domain is actually constituted by two materials. Our model accounts for the temperature dependence
of the heat capacity for both materials, and of the heat conduction for the carbonatic basement. Heat
capacity of the melt phase was computed with the model of Richet and Bottinga (1985), which is
well-suited for the high-potassium content of the 1944 AD melts.
Heat capacity of diopside and hedembergite were taken from Saxena, as quoted in Ottonello
(1991); heat capacity of leucite was derived from figure 12.33 in Judd et al. (1989); heat capacity of
anorthite and albite were from Helgeson et al. (1978). The albitic contribution in the final heat
capacity of the rock embodies the heats of structural transitions in the cp functional form by
maintaining as standard state that of pure component in the stable phase at T and P of interest
(Helgeson et al, 1978).
Heat conductivity of the volcanic rock was estimated as summation of the values of the heat
conductivity of the single mineral phases, each weighted on its volume fraction. We employ data at
298.15°K given by Anderson (1989) for albite, anorthite, diopside and hedembergite, whereas for
leucite we calculate a value of 1.32 W/m°K from the Vs through the relationship of Harai and
Simurson, quoted in Anderson (1989). Simulations show that modeling is unaffected by the value
chosen for melt conductivity (tests have been performed for λmelt = 2λrock and λmelt = _λrock), so that
we adopted the same value estimated for the volcanic rock.
Heat conductivity dependence on T for the carbonatic basement was evaluated from Vasseur et
al. (1995; see their Fig.2).
Liquidus temperature (Tl) was evaluated on the basis of the homogenization temperature (Th)
measured through melt inclusion microthermometry (Belkin et al., 1985; Cioni et al., 1998; Lima et
al., 2003; Marianelli et al., 1995; 1999). Let’s remind that Th reflects the temperature of
crystallization of the host mineral, in equilibrium with melt and gas phase. A value of Tl = 1500°K
was employed in this work, in agreement with estimates of Santacroce et al. (1994) on the Th of melt
inclusions hosted in clinopyroxenes of lapilli from 1906 AD eruption and with the empirical
geothermometer calibrated by Cioni et al. (1998). Solidus temperature (Ts) was set equal to 1100°K,
a quite low value which accounts for the depressing effect on melting temperatures caused by the
presence of water in the system.
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Figure Captions
Figure 1 – a) Geological sketch map of the Campanian sector of the Appenine Chain showing
location of both Campanian Plain and Campanian volcanic districts; b) Map of the Mt.
Somma-Vesuvius stratovolcano; c) Temporal distribution of the volcanic activity at Mt.
Somma-Vesuvius with indication of magnitude of eruptions (modified after Santacroce,
1987)
Figure 2 – a) Sketch of the integration domain formed by an axisymmetric cone of radius of 4 km
and 1300 m high above the sea level, and by the surrounding rocks to a depth of 10 km and a
lateral extension of 10 km. The domain is assumed composed of two different materials, a
volcanic rock filling the conduit and forming the volcanic edifice and the rocks to a depth of
2.5 km, and a carbonatic basement from 2.5 km to 10 km of depth. The green-reddish areas
within the crystalline basement section represent the sill complex; b) Mesh used for the
finite-element calculations, with an enlargement of the uppermost portion of the conduit and
surrounding volcanic edifice.
Figure 3 - Finite element solution for the conductive steady-state temperature field in the whole
integration domain before the 1631 eruption. This thermal field provides the initial state for
the transient integration of the governing energy equation in the subsequent period, from
1631 to 1944.
Figure 4 - Finite element solution for the temperature field in 1944 in the conduit and surrounding
rocks. This thermal field is the final solution of the transient integration from 1631 to 1944,
imposing that during the whole period the material filling the conduit has a fixed temperature
of 1500°K.
Figure 5 - Finite element transient solution for the temperature field obtained imposing that the
degassing process within the conduit produces a heat flux q=0.6 x103 J/m2s, (a) 16 years
after the last eruption, in 1960; (b) 34 years after the last eruption, in 1980, and 52 years after
the last eruption, in (c) 2006.
Figure 6 - Finite element transient solution for the temperature field obtained imposing that the
degassing process within the conduit produces a heat flux q=1.2 x103 J/m2s, (a) 16 years
after the last eruption, in 1960; (b) 34 years after the last eruption, in 1980, and 52 years after
the last eruption, in (c) 2006.
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Figure 7 - Finite element transient solution for the temperature field obtained imposing that the
degassing process within the conduit produces a heat flux  q=2.5 x103 J/m2s, (a) 16 years
after the last eruption, in 1960; (b) 34 years after the last eruption, in 1980, and 52 years after
the last eruption, in (c) 2006.
Figure 8 – Temperatures measured since 1944 AD up to present at Mt. Vesuvius crater
(represented by dots, and modified after Chiodini et al., 2001) compared with the model
solutions at the crater as a function of time (solid lines), with a constant heat flow q = 0.6,
1.2, 2.5x103 J/m2s in the conduit, due to the degassing process. The numerical temperature
curve obtained with no degassing  (q=0), i.e. with a cooling due to heat conduction only, is
also plotted for comparison.
Figure 9 - Heat capacity as a function of temperature for the carbonatic basement, the volcanic
rock and the melt phase.
31
Table I
Volcanic rock
Mineral composition wt%
Anorthite 10
Albite 10
Leucite 40
Diopside 30
Hedembergite 10
Tot 100
Carbonatic basement
Composition wt% 
Dolostones 50
Limestones 50
Tot 100
Melt phase
Oxides wt%
SiO2 48.42
TiO2 1.02
Al2O3 14.76
Fe2O3 4.40
FeO 4.40
MnO 0.15
MgO 6.87
CaO 12.32
Na2O 1.82
K2O 5.12
P2O5 0.72
Tot 100.00
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Table II
Carbonatic basement Melt phase and volcanic rock
Density, ρ (kg/m
3
)
2500 2700
Heat conductivity, k (W/m°K) 1193/T + 0.23 2.65
Latent heat of fusion, L (J/kg) 2.48 X 105
Solidus temperature, Ts   (°K) 1100
Liquidus temperature, Tl (°K) 1500
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